Before the advent of oxygenic photosynthesis, the biosphere was driven by anaerobic metabolisms. We catalogue and quantify the source strengths of the most probable electron donors and electron acceptors that would have been available to fuel early-Earth ecosystems. The most active ecosystems were probably driven by the cycling of H 2 and Fe 2C through primary production conducted by anoxygenic phototrophs. Interesting and dynamic ecosystems would have also been driven by the microbial cycling of sulphur and nitrogen species, but their activity levels were probably not so great. Despite the diversity of potential early ecosystems, rates of primary production in the early-Earth anaerobic biosphere were probably well below those rates observed in the marine environment. We shift our attention to the Earth environment at 3.8 Gyr ago, where the earliest marine sediments are preserved. We calculate, consistent with the carbon isotope record and other considerations of the carbon cycle, that marine rates of primary production at this time were probably an order of magnitude (or more) less than today. We conclude that the flux of reduced species to the Earth surface at this time may have been sufficient to drive anaerobic ecosystems of sufficient activity to be consistent with the carbon isotope record. Conversely, an ecosystem based on oxygenic photosynthesis was also possible with complete removal of the oxygen by reaction with reduced species from the mantle.
INTRODUCTION
Nearly, all primary production on the present Earth is accomplished by photosynthetic organisms producing oxygen. These oxygenic phototrophs include a vast array of different plants, algae and cyanobacteria, and since they accomplish most of the primary production, they also drive the carbon cycle. Thus, oxygenic photosynthesis maintains the levels of biological activity that the Earth presently enjoys.
Oxygen production originated with the evolution of cyanobacteria. However, cyanobacteria were not the earliest photosynthetic organisms (Blankenship 1992; Olson & Blankenship 2004 ) nor were they members of the earliest ecosystems on Earth (e.g. Cloud 1972; Garrels & Perry 1974; Canfield & Raiswell 1999; Nisbet & Sleep 2001; Knoll 2003; Battistuzzi et al. 2004) . Therefore, the earliest Earth ecosystems existed in an anoxic world and their activities were driven by anaerobic metabolisms. Since the activity of the present biosphere is so critically coupled to oxygenic photosynthesis, one can reasonably assume that the activity level of the early biosphere would have been different in the absence of oxygen production. This topic has received very little attention. However, in one report, Des Marais (2000) provided rough calculations suggesting that early anaerobic ecosystems were probably 2-3 orders of magnitude less active than the present biosphere. More recently, Canfield (2005) and Kharecha et al. (2005) have expanded this view, and in different ways, they have found that early anaerobic ecosystems may have enjoyed activity levels higher than previously thought. These ideas will be reviewed and more fully developed in the present contribution, which will focus on the structure and activity level of ancient anaerobic ecosystems.
EARLY ENERGY AND POSSIBLE COMMUNITY STRUCTURE
There are several entrance points for discussing the structure and activity of early anaerobic microbial communities. We could, for example, begin by considering the history of early metabolic evolution as evidenced through the comparisons of RNA and gene sequences (e.g. Woese 1987 ). However, modern microbial genomes have been heavily impacted by the lateral transfer of genetic material (Hilario & Gogarten 1993; Brown & Doolittle 1997; Jain et al. 1999) . Thus, phylogenies based on genomic data may not necessarily represent the evolutionary history of a particular metabolism (e.g. Hilario & Gogarten 1993; Doolittle 1999) . Therefore, we take a different approach, and base our analysis on the availability of electron acceptors and electron donors. We will assume that during the course of early-Earth evolution, organisms had evolved to take advantage of the available energy to fuel them. This is reasonable, but we know it is not strictly valid. For example, water has been available as an electron donor for photosynthesis (producing oxygen) over at least 95% of Earth history (Wilde et al. 2001; Cavosie et al. 2005) , and was a necessary prerequisite for the origin of life. Yet, as mentioned earlier, oxygenic photosynthesis was not among the earliest-evolved metabolisms, as it required the earlier evolution of at least two types of anoxygenic photosynthetic reaction centres and pigment synthetic pathways (Blankenship 1992 (Blankenship , 2001 Xiong et al. 2000) . However, the tree of life demonstrates a wide range of early innovations in anaerobic metabolism (Woese 1987; Stetter 1996; Canfield & Raiswell 1999) , and it is reasonable to assume that most, if not all, of the primary metabolisms outlined in tables 1 and 2 indeed predated oxygenic photosynthesis.
With these considerations in mind, we explore the most probable primary electron donors and electron acceptors fuelling early anaerobic metabolisms. We begin by looking at electron donors. Most of these have volcanic sources, emanating from either subaqueous hydrothermal volcanics or subaerial volcanics (table 1). Hydrogen gas is delivered from both subaqueous and subaerial volcanics as H 2 S (e.g. Kadko et al. 1994; Symonds et al. 1994; Halmer et al. 2002) . Elemental sulphur does not have a direct volcanic source. However, it can form through the photolysis of volcanic SO 2 gas (Farquhar et al. 2001; Pavlov & Kasting 2002; Ono et al. 2003) or from the SO 2 released in hydrothermal settings (Canfield & Raiswell 1999) . Ferrous iron has a direct hydrothermal source as observed, for example, at mid-ocean ridge hydrothermal settings (e.g. Kadko et al. 1994) , but it can also enter the oceans through the weathering of continental crust. This has probably occurred through all of Earth history where subaerial crust was present. Finally, there may have been an important source of ammonium through the reduction of N 2 during midocean ridge hydrothermal circulation (Brandes et al. 1998a,b) .
A number of primary electron acceptors can also be identified (table 2) . Of these, CO 2 has a direct volcanic source, while elemental sulphur (as just discussed) and sulphate can form through the photolysis of SO 2 in the atmosphere. An early primary source of nitrate was also probably through the oxidation of N 2 by lightning (Yung & McElroy 1979; Navarro-González et al. 2001) . The electron donors and electron acceptors which become available as products of secondary anaerobic metabolisms are listed in table 3. Most of these are the same as those found from primary sources. A notable exception is iron oxides, which form as a product of anoxygenic photosynthesis with Fe 2C as the electron donor (Widdel et al. 1993; Heising et al. 1999; Jiao et al. 2005) .
From the lists of electron donors and electron acceptors, and the metabolisms they support, we can construct possible ancient ecosystems. By considering the probable limits on the source strength of the most limiting chemical compound, be it electron donor or electron acceptor, we can place limits on the activity level of the ancient ecosystem. Following Canfield (2005) and Kharecha et al. (2005) , we will consider various ecosystems in relative isolation. This means that for each ecosystem, we concentrate on the cycling of a limited number of related elements which are involved in active recycling. There would have indeed been cross-coupling between element cycles, but including this complexity would probably not increase our estimates of the activity level of the ancient biosphere, but it could give us a more realistic picture of the dynamics of elemental cycling. For this reason, we will also discuss in some cases how different element cycles might have been linked. primarily as an electron donor in anoxygenic photosynthesis, and another, where hydrogen is used to fuel methanogenesis. The importance of hydrogen as an early fuel for anoxygenic photosynthesis has also been emphasized by Olson (2006) . The treatment presented here follows Kharecha et al. (2005) with some modifications. In one sense, the treatment here is simpler, as Kharecha et al. (2005) introduced CO-consuming acetogens into their model. This arises because CO can accumulate in an anoxic atmosphere from the photochemical oxidation of CH 4 (see below). We do not consider this in our model. Neglecting this, however, does not influence primary production rates, as in our simplified model we conserve the same amount of electron equivalents in primary produced biomass as do Kharecha et al. (2005) . We will consider first an ecosystem fuelled by hydrogen where anoxygenic phototrophs are the primary producers (figure 1). Anoxygenic photosynthesis with hydrogen can be written quite simply as
ð3:1Þ
The organic matter produced by anoxygenic phototrophs will decompose, and in this simple hydrogenbased ecosystem, methanogenesis is assumed to be the most important mineralization pathway:
Most of the organic matter produced by anoxygenic phototrophs will decompose, but some fraction, x, will be preserved, and this represents a removal vector for hydrogen, where 2H 2 are removed for every CH 2 O preserved. If we define flux mar as the flux of H 2 used to fuel primary production, then the burial flux of H 2 as organic matter, flux bur , is flux bur Z xflux mar : ð3:3Þ
The methane produced during the decomposition of organic matter will escape to the atmosphere, where through photolysis, it will decompose back to hydrogen gas (Catling et al. 2001; Pavlov et al. 2001) , and overall, two molecules of H 2 and one molecule of CO 2 are produced for every molecule of CH 4 photolysed. Hydrogen is also lost through escape from the atmosphere to space. There is currently a great deal of discussion and uncertainty on the probable pathways and magnitude of H 2 escape on the early Earth (Catling & Claire 2005; Tian et al. 2005) . Most early models assumed that hydrogen escape would have been diffusion limited (Hunten 1973; Walker 1977) , where the flux can be easily calculated with the expression flux esc Z 2:5 !10 13 f tot ; ð3:4Þ where flux esc represents the escape flux of hydrogen from the atmosphere (molecules cm K2 s K1 ) and f tot represents the mixing ratio (v/v) of all hydrogenbearing species above the tropopause, where H 2 O is generally absent The source of hydrogen is volcanic outgassing, whose flux we is designate as flux volc . Overall, a hydrogen balance can be written as flux volc Z flux esc C flux bur Z flux esc C xflux mar :
ð3:7Þ
Our ultimate goal will be to calculate flux mar , which, as discussed earlier, represents the flux of hydrogen used in primary production. Since 2 mol of hydrogen are used to form 1 mol of organic carbon, the primary production rate of organic carbon, flux photo is one-half of flux mar . We assume, as did Kharecha et al. (2005) , that primary production is limited by the flux of hydrogen across the sea-water interface. This flux depends on the concentration gradient of hydrogen across this interface, the diffusion coefficient for hydrogen in water and the thickness of the diffusive boundary layer in the upper ocean layer over which diffusion applies. A piston velocity term, V p (cm s K1 ) (e.g. Broecker & Peng 1982) Catling & Claire (2005) and Kharecha et al. (2005) , that anoxygenic phototrophs will reduce the concentration of hydrogen in the surface ocean to negligible amounts, and therefore [H 2 ] is essentially zero (this will not be the case with the methane-based ecosystem). We are left, then, with the flux of methane to the atmosphere. We assume that the abiotic sources are relatively small, and therefore the decomposition of organic matter produced by anoxygenic phototrophs represents the main methane source to the atmosphere. From equations (3.1) and (3.2), 4 mol of H 2 are used to produce 1 mol of methane, and therefore, flux methane is represented by flux methane Z 0:25ð1KxÞflux mar ;
ð3:12Þ
and from equations (3.11) and (3.12), From equation (3.14) , rates of hydrogen used in primary production, flux mar , are controlled by two variables: the preservation efficiency of hydrogen in organic matter, x, and the volcanic outgassing flux of hydrogen, flux vol . Reasonable values for x, i.e. the preservation proportion of organic carbon in an anoxic setting, probably range between 0.01 and 0.1 (Canfield 1994; Arthur & Dean 1998) . Values for the volcanic flux of hydrogen require some detailed consideration.
The hydrogen flux from hydrothermal systems, such as those found in mid-ocean ridge spreading centres, is determined by combining H 2 concentration measurements in the high-temperature vent fluids with the volume flux of water through the hightemperature vents (Kadko et al. 1994) . These calculations yield hydrogen fluxes in the range of 7-27! 10 9 mol yr K1 (see table 7), with most of the uncertainty owing to variability in the concentrations of hydrogen in the end-member hydrothermal vent fluids.
Hydrogen is also produced through the serpentinization of ocean crust peridotite (e.g. Alt & Shanks 2003; Bach et al. 2006) , where the electrons for hydrogen formation come from the oxidation of ferrous iron. The formation of hydrogen through this process can be written as follows, although the reaction We determine the hydrogen flux by calculating the total amount of serpentinization which is likely to occur in a year. We begin with Alt & Shanks (2003) who estimate that from 3 to 5% of the ocean crust is serpentinized peridotite. Overall, about 3 km 2 of new ocean floor are produced every year at ocean spreading centres, and with the crustal depth of about 1 km and a density for crustal peridotite of about 3.5 g cm K3 , 3.2-5.3!10 14 g of serpentinized peridotite is produced every year. Bach et al. (2006) calculate that 1 mol of H 2 is produced for every 4200 g of peridotite serpentinized. Altogether, an H 2 production rate of 0.8-1.3!10 11 mol yr K1 is calculated (see table 7 ). This flux is important and exceeds the flux from mid-ocean ridges by several times (see above).
Finally, there is the flux from subaerial volcanoes. This flux is difficult to determine directly, but it can be approximated from the flux of SO 2 , which is reasonably well constrained by a combination of satellite and ground-based observations (e.g. Halmer et al. 2002) . Thus, the hydrogen flux may be determined by combining the SO 2 flux with the ratio of SO 2 : H 2 concentrations in volcanic subaerial emanations. A compilation of volcanic gas data for a variety of different volcanoes is presented in table 5. These volcanoes include those from convergent plate margins (S), as well as those associated with rifting (the formation of new continental plates, R), and hotspot volcanics (H). As can be seen, the concentrations of SO 2 and H 2 vary widely, as do the SO 2 : H 2 ratios. As convergent margins and rift-associated volcanics represent different tectonic regimes, we analyse the data both within each regime and taking all volcanoes together. If we calculate the SO 2 : H 2 ratio from average SO 2 and H 2 concentrations within each tectonic setting, we see that each setting gives an SO 2 : H 2 ratio of around 3 (table 6) . If we consider all volcanoes together, the same average concentration is obtained. We recognize that a small number of volcanoes have very high concentrations of SO 2 and H 2 , which can greatly skew the calculated average concentrations. Therefore, we also calculate SO 2 : H 2 from the median concentrations within each tectonic setting. Here, some differences are observed. Subduction-related volcanoes give a ratio of 0.7, whereas those from rift settings give a much higher ratio of 8.4, and a ratio of around 1 is calculated from all volcanoes taken together.
From this analysis, we conclude that hydrogen enters the atmosphere from subaerial volcanoes with an SO 2 : H 2 ratio of between 1 and 3. If we combine this with an estimated SO 2 volcanic flux of 2.3-3.1! 10 11 mol yr K1 (Halmer et al. 2002) , we obtain an H 2 flux ranging from about 0.8 to 3.1!10 11 mol yr
K1
. The hydrogen fluxes from all sources are summarized in table 7. The total hydrogen flux to the ocean-atmosphere system is estimated at 1.8-5.0!10 11 mol yr
. This flux Table 5 . Compilation of volcanic gas data. (S, subduction-related volcanics; R, rift-zone-related volcanics; H, hotspot volcanics; -, not measured. Data from compilations in Halmer et al. (2002) and Symonds et al. (1994 Early anaerobic metabolisms D. E. Canfield and others 1823 is 10-26 times lower than the estimate of Holland (2002) , which is calculated by combining the subaerial volcanic CO 2 flux with the assumption that these gases are in equilibrium with the FMQ (quartz, magnetite, fayalite) buffer (table 7) . We believe that our flux estimate is well grounded in current observations. We are now ready to use equation (3.14) from which rates of primary production can be calculated. We begin with a burial efficiency, x, of 0.01, and with a volcanic H 2 flux of 3.4!10 11 mol yr K1 , which is the average of our estimated modern-day range. With these input parameters, we produce a primary production rate of 2.9!10 12 mol C yr K1 , a result roughly coincident with that of Kharecha et al. (2005) at the same hydrogen outgassing rate. This rate of primary production is considerably larger than could be supported by the hydrogen flux from volcanoes without any recycling. Thus, as noted by Kharecha et al. (2005) , the recycling of hydrogen through methanogenesis and the decomposition of methane in the atmosphere considerably enhances rates of primary production. However, the rates are still very low, over 1000 times less than modern marine rates of primary production in the oceans (Field et al. 1998; table 8) .
It is quite probable that fluxes of hydrogen were higher in the past owing to higher heat flow and perhaps also owing to hydrothermal circulation at mid-ocean ridges under reduced hydrostatic pressure (Kump & Seyfried 2005) , which, from thermodynamic grounds, should increase the H 2 concentration and the flux from these systems. However, even increasing the hydrogen flux by a factor of 100 produces primary production rates of only 7% of the present-day marine rates. We can also vary x, the burial efficiency of organic carbon (table 8) . At higher burial efficiencies than used here (less organic carbon decomposed and more buried), lower rates of primary production are produced at the same volcanic hydrogen outgassing rate. However, as x decreases, a plateau in primary production is reached, and with the value of x we use, 0.01, primary production is about 80% of its maximum at infinitely small values of x. Overall, it appears that an early-Earth hydrogen-based ecosystem supporting anoxygenic photosynthesis may have been dynamic, but not nearly as active as the present marine biosphere.
We also explored here, following Kharecha et al. (2005) , the case where hydrogen fuels a methanogenic population. This case is shown in figure 2 and is somewhat different from the case with anoxygenic phototrophs, as organic carbon production depends on the growth yield, y, of the organisms. Growth yield can be defined in different ways, but for our purposes here, growth yield will represent the efficiency with which hydrogen is transferred into cell biomass (organic matter) versus methane. A growth efficiency of 0.1 was used by Kharecha et al. (2005) , and this value will be maintained here. To proceed, we note that the burial flux of H 2 into organic carbon is related to the flux of hydrogen across the sea-water interface by the following expression: which is then solved as above, yielding
Finally, because only a portion of the hydrogen used by methanogens is shunted into organic carbon production, rates of primary production (in carbon equivalents) are given by prim:prod:Z0:5yflux mar : ð3:20Þ
While analysing equations (3.19) and (3.20), we take [H 2 ] to be 5!10 K9 M, which is a typical value for marine systems undergoing active methanogenesis, and a value which yields DG values of around K20 kJ mol K1 of H 2 (see review in Canfield et al. 2005) with typical seawater chemistry. This energy yield is sufficient for ATP production by prokaryotes (Schink 1997) .
As for the case with anoxygenic photosynthesis, we explore how the flux of hydrogen into the ocean, flux mar , and rates of primary production scale with variable parameters including volcanic outgassing rate, flux vol , organic carbon burial efficiency, x, and growth efficiency, y (table 9) . We begin the analysis with values of 0.01 and 0.1 for x and y, respectively. With these values, the flux of hydrogen into the oceans at the same flux vol is very similar to the case where primary production is dominated by anoxygenic photosynthesis (table 8) . However, because only a portion of the hydrogen is channelled into organic matter production, rates of primary production are about an order of magnitude lower than with anoxygenic photosynthesis. This point was also highlighted by Kharecha et al. (2005) . With high values of x, meaning high organic carbon burial efficiencies and limited recycling, primary production rates drop (table 9) . However, there is very little increase in rates of primary production if we decrease x below 0.01. As would be expected, rates of primary production are tightly coupled to the growth yield, y. However, the growth yield would need to be 1 before rates of primary production in this methane-based ecosystem were comparable to rates in the anoxygenic photosynthetic system. Such a high growth yield would be impossible during methanogenesis. Overall, we agree with Kharecha et al. (2005) that a methane-based ecosystem would be much less productive than an anoxygenic photosynthetic ecosystem at comparable rates of volcanic outgassing. Canfield & Raiswell (1999) , Des Marais (2000), Canfield (2005) and Kharecha et al. (2005) have all considered the potential productivity of a sulphurbased ecosystem. In different ways, each of these studies has concluded that such an ecosystem would be 2-3 orders of magnitude less productive than the modern marine environment. However, each of these studies used different approaches with different assumptions and our understanding of the early-Earth sulphur system has advanced enormously in the last few years. Therefore, it would seem pertinent to review the structure and activity levels of ancient-Earth ecosystems driven by sulphur.
SULPHUR-BASED ECOSYSTEM
Sulphur would have entered the early-Earth surface environment from a number of avenues (figure 3). These would have included a hydrothermal flux of H 2 S at divergent plate margins within the ocean (mid-ocean ridge volcanics), sources of SO 2 and H 2 S from subaerial volcanics, and terrestrial hydrothermal H 2 S. Modern analogues for the latter include hot springs at Yellowstone National Park, USA, and hydrothermal areas in Iceland as well as the North Island of New Table 9 . Productivity of hydrogen-based methanogenic ecosystem. Zealand. We believe that early-Earth oceans contained dissolved Fe 2C based on the occurrence of banded iron formations (BIFs) in 3.8-Gyr-old rocks at Isua, Greenland (e.g. Dymek & Klein 1988; Rosing et al. 1996) . Thus, the deep-ocean hydrothermal flux of H 2 S would have probably been scavenged by reaction with dissolved iron in the oceans, and would not have entered into the surface environment (see Canfield 2004; Kharecha et al. 2005) . Thus, unlike modern midocean ridge systems where sulphide fuels a diverse and dynamic ecosystem based, ultimately, on the oxidation of sulphide, on the early Earth, the sulphide would have been unavailable to fuel microbial metabolisms. (However, some methanogenesis, based on the reaction between hydrothermal CO 2 and H 2 , would have fuelled a small microbial community.) Then, the main sources of sulphur to the surface environment would have been terrestrial hydrothermal sources and subaerial volcanics.
Modern terrestrial hydrothermal systems support highly interesting sulphur-based ecosystems. This is particularly true at high temperatures (around 708C) where, among the phototrophs, cyanobacteria are sometimes excluded and primary production is often driven by the anoxygenic phototrophic oxidation of sulphide (see Brock 1985 Brock , 1994 Pierson 2001 ). In such environments, a 'sulphuretum' (e.g. Baas Becking 1925) forms with dynamic, coupled, carbon and sulphur cycles, where the organic matter produced by sulphide-oxidizing anoxygenic phototrophs is oxidized by sulphate reducers (obtaining their sulphate from the sulphide-oxidizers), producing sulphide for further oxidation by the phototrophs. In a situation where all the organic matter decomposition occurs by sulphate reduction, the primary production in the system is equal to (Canfield 2005) prim: prod: Z 2 flux sulphide x ; ð4:1Þ
where, in addition to the terms already defined, flux sulphide represents the primary hydrothermal flux of sulphide to the system. The factor 2 represents the stoichiometric relationship between sulphide oxidation (to sulphate) and CO 2 fixation by anoxygenic phototrophs. As discussed by Canfield (2005) , a typical value for x in a microbial mat is 0.1, so that in such a system, prim. prod.Z20flux sulphide .
In practice, some of the sulphate produced by the anoxygenic phototrophs might be washed out from the system, leaving an excess of organic matter over the sulphate. In this situation, some of the organic matter would be decomposed by methanogens producing methane. This would lead to further ecological complexity, as a methane-sulphate interface would develop where anaerobic methane oxidation would occur (e.g. Reeburgh 1980; Alperin & Reeburgh 1988 ; figure 4). The productivity of the system would probably be somewhat lower than that predicted from equation (3.20), as some of the reduced equivalent as methane would probably escape from the system. Unfortunately, it is difficult to place limits on the global productivity of such a sulphuretum. There are no good estimates for the terrestrial hydrothermal flux of sulphide to the surface environment, but such environments probably do not represent a globally significant source of sulphur. Thus, though such an environment would have been extremely interesting ecologically, it may not have been a globally important source of primary production.
A mix of SO 2 and H 2 S is delivered from subaereal volcanics, with an excess of SO 2 by about 5 : 1 (tables 5, 6 and 10). Atmospheric photolysis of these compounds with UV radiation creates a mix of reaction products, including SO 2 , H 2 S, S 0 and H 2 SO 4 (Farquhar et al. 2001; Ono et al. 2003) . Modelling suggests that the relative importance of these different reaction products varies depending on the SO 2 outgassing rate and the CH 4 mixing ratio (Ono et al. 2003) . Higher CH 4 mixing ratios, giving a more reducing atmosphere, generate more sulphide, while higher SO 2 fluxes favour S 0 over sulphate. For modern SO 2 volcanic fluxes and greater, as would be probable on the early Earth, S 0 dominates over all other sulphur forms, and is greatly reduced in significance only at CH 4 mixing ratios of 10 K5 or less, where H 2 SO 4 and SO 2 dominate. In most modelling scenarios (Ono et al. 2003) , the proportion of S 0 to total sulphur species varies from about 20 to 70%.
In the present discussion, we will be mostly interested in the electron donors, which include H 2 S and S 0 . As discussed earlier, sulphate could be an electron acceptor in organic matter mineralization or even sulphate reduction with hydrogen (table 1). However, due to its relatively low growth yield (as in methanogenesis), Figure 4 . The sulphur cycle associated with a sulphuretum. Hydrothermal sulphide is oxidized by anoxygenic phototrophs producing sulphate. As the microbial mat accretes, organic matter buried below the photic zone will be oxidized by sulphate reduction, recycling the sulphate produced by photosynthesis. Some methanogenesis is also likely to occur, and anaerobic methane oxidation would have occurred at the sulphate-methane transition zone. sulphate reduction will not considerably add to the global productivity estimates already forwarded. Therefore, we will focus on the electron donors, and since S 0 dominates over sulphide in the photochemical models pertinent here, we will concentrate on S 0 . To do this, we look more closely at the cycle of elemental sulphur (figure 5). As mentioned, elemental sulphur forms in the atmosphere through photochemistry and settles to the Earth surface as particulate S 8 (Ono et al. 2003) . Elemental sulphur is an excellent electron donor for anoxygenic photosynthesis (e.g. Pfennig 1975) , and in the photic zone of the ocean, this process will produce sulphate and organic matter (figure 5). The S 0 settling from the photic zone could fuel heterotrophic S 0 reduction, producing sulphide (figure 5), and it could also disproportionate into sulphide and sulphate (Thamdrup et al. 1993) .
The sulphide produced from both sulphur reduction and sulphur disproportionation would probably precipitate as iron sulphide minerals in the ironcontaining water column (figure 5). Therefore, the prospects for active sulphur cycling in such an ocean system are minimal. In other words, significant amounts of elemental sulphur are unlikely to be regenerated through secondary microbial metabolisms or inorganic chemical reactions. This means that maximum rates of primary production will be driven by single-stage S 0 oxidation through anoxygenic photosynthesis. We assume that one-half of the volcanic SO 2 flux is converted to S 0 through photolysis in the atmosphere, and that 2 mol of S 0 are used to produce 3 mol of CH 2 O through anoxygenic photosynthesis by the reaction Rates of primary production by this process will depend directly on the SO 2 outgassing rate, and the results are presented in table 11. Even with rates of outgassing 10 times the present rate, rates of primary production are still 1000 times lower than those of the present day. Although the discussions differ somewhat, and different processes are highlighted, these results are roughly compatible with those presented by Des 
IRON-BASED ECOSYSTEM
The iron cycle on the early Earth derived inputs from mid-ocean ridge hydrothermal circulation and the weathering of continental rocks. Presently, about 20 times more 'reactive iron' (i.e. iron involved in active oxidation-reduction reactions) is brought to the oceans by weathering than by hydrothermal sources (Canfield 1998) . Kump & Seyfried (2005) have argued that because they were hotter, mid-ocean ridge systems on the early Earth would have risen higher into the oceans, venting at shallower depths than at present. Thermodynamic calculations suggest that under reduced hydrostatic pressure, more iron would have been delivered from these systems to the oceans. Thus, the flux of iron to the oceans might have been considerably greater than at present. In any event, a dynamic and interesting ecosystem could have resulted, driven by iron-oxidizing phototrophs oxidizing Fe 2C dissolved in the oceans (figure 6). As far as we know, this was first envisioned by Garrels & Perry (1974) , and this idea has been considerably strengthened by the discovery of bacteria capable of oxidizing Fe 2C phototrophically ( Widdel et al. 1993; Heising et al. 1999; Jiao et al. 2005) . Indeed, the link has been made between phototrophic iron oxidation and the deposition of Archaean and Early Proterozoic BIFs (Hartman 1984; Eherenreich & Widdel 1994a,b; Kappler et al. 2005) .
Recycling occurs as the iron oxides formed by phototrophic iron oxidation are re-reduced by ironreducing bacteria (figure 6). To maintain high activity levels, the geological recycling of the electron donor, Fe 2C , is also required. This is especially true if, as at present, weathering represents the most important flux of Fe 2C to the oceans (Holland 1984; Canfield 1998 ). Garrels & Perry (1974) also recognized this, and they Figure 5 . The early-Earth cycle of elemental sulphur. Elemental sulphur would have been produced by the photolysis of SO 2 gas. The sulphur would have settled into the ocean, some of which would have been oxidized by anoxygenic phototrophs. Some sulphur might also have settled below the euphotic zone into iron-containing waters, where sulphur reduction and sulphur disproportionation would have occurred. Canfield (2005) who assumes, for the sake of argument, that ocean circulation on the early Earth was the same as today. The next step is to recognize that the present deep-ocean concentration of phosphate, 2.3 mM (Broecker & Peng 1982) , supports a marine primary production rate of 4!10 15 mol C yr K1 (Field et al. 1998) . If primary production was conducted by iron-oxidizing phototrophs, we can calculate how much Fe 2C oxidation would be associated with the cycling of 2.3 mM of phosphate. We begin by assuming a C : P ratio of phototrophic biomass of 106 : 1 (the 'Redfield' ratio) and we recognize that 4 mol of Fe 2C are used to fix 1 mol of CO 2 into organic carbon:
ð5:2Þ
With these values, we calculate the amount of iron oxidized as 2.3 mM P!106 C/P!4 Fe/CZ975 mM concentrations to between 40 and 120 mM. These concentrations are 8-24 times lower than what would produce present-day levels of primary production, implying that iron-based primary production was similarly 8-24 times lower than today. There are numerous uncertainties in this calculation, most importantly the concentrations of iron on the early Earth as well as the assumption that oceans circulated then as they do now. Nevertheless, this calculation suggests that, in principle, an iron-based marine ecosystem could have been within an order of magnitude as active as at present. Higher iron concentrations could have brought it even closer (assuming that phosphate did not become limiting; see Bjerrum & Canfield 2002 concentration of 54 mM, they calculated a primary production rate of 1.9!10 13 mol yr
K1
, about 10 times lower than the estimate provided by Canfield (2005) . However, as also recognized by Kharecha et al. (2005) , upwelling rates may be much higher in coastal zones and, in particular, in coastal upwelling areas, where upwelled water is sourced not from the deep, but from rather shallow depths around the thermocline (e.g. Leth & Middleton 2004) . The significance of this becomes apparent if we use a global average upwelling rate of 4 m yr K1 as suggested by Kharecha et al. (2005) and calculate a global primary production rate using the deep-ocean phosphate concentration of 2.3 mM. Combining these values with the ocean area of 3.6!10 14 m 2 and the C : P ratio of 106 : 1 for photosynthetically produced organic matter, we calculate a primary production rate of 3.5!10 14 mol C yr K1 , which is one order of magnitude lower than today's value (see table 12).
NITROGEN-BASED ECOSYSTEM
An interesting nitrogen-based ecosystem might have also been active on the early Earth before oxygenic photosynthesis (figure 7). We can identify a primary source of oxidized nitrogen (NO) from lightning (Yung & McElroy 1979; Navarro-González et al. 2001) and of ammonia from the reduction of N 2 at high temperatures in mid-ocean ridge hydrothermal circulation systems (Brandes et al. 1998a,b) . In addition, there is the possibility of biological nitrogen fixation, fixing atmospheric N 2 to ammonia for use in biomolecules. In an anoxic early-Earth atmosphere, the NO produced by lightning will be reduced with H to form a nitroxyl molecule (HNO; Kasting & Walker 1981) , which, according to Mancinelli & McKay (1988) , would decompose in the oceans to NO 2 ) would be used by heterotrophic denitrifiers to oxidize organic matter, producing N 2 and possibly some NH C 4 as reaction products. In addition, nitrate (through a nitrite) and nitrite might be used to oxidize ammonia to N 2 gas through the anammox process (e.g. Dalsgaard et al. 2005) , which occurs widely in anoxic, sulphide-free zones of the global ocean (e.g. Dalsgaard et al. 2003; Kuypers et al. 2003 Kuypers et al. , 2005 . This nitrogen cycle lacks the recycling aspects of the other element cycles as there is no known pathway from ammonia to nitrate in the absence of oxygen (a phototrophic pathway is in principle possible, but has not yet been described).
The anammox reaction represents primary production, the rates of which can be estimated. NavarroGonzález et al. (2001) estimate an NO production rate of about 2!10 10 mol yr K1 for early anoxic atmospheres. If we assume that this NO is quantitatively converted to nitrate and nitrite, then it will oxidize an equimolar amount of ammonia through anammox. In fluidized bioreactors, growth of anammox bacteria produces about 0.07 mol of CH 2 O for each mole of NO K 2 reduced (van Dongen et al. 2001) . Maintaining this growth yield, the early-Earth production rate of NO would support primary production rates of about 1.4!10 9 mol yr K1 of organic carbon through the anammox reaction. In making this calculation, we assume that ammonia is available in sufficient amounts to fuel the anammox reaction, either through primary hydrothermal sources or from the organic nitrogen liberated during organic matter mineralization. Overall, anammox would have probably been a relatively minor player in global primary production on the early Earth.
DISCUSSION
Our primary production rate estimates are summarized in table 12. For the hydrogen-and sulphur-based ecosystems, we assume that rates of H 2 and SO 2 outgassing were 10 times greater than the present rate. Higher estimates of outgassing will produce higher primary production rate estimates as shown in tables 8, 9 and 11. Our iron-based ecosystem production rates do not depend on outgassing rates, but depend on the dissolved iron concentrations in the deep ocean, which we have attempted to bracket, but for which considerable uncertainty exists. In addition, these different ecosystems would not operate in complete isolation as our modelling might suggest. For example, H 2 is an excellent substrate for sulphate reducers, sulphur reducers, iron reducers and denitrifiers. Thus, some hydrogen would have been used to drive these processes, leaving less for hydrogen-based photosynthesis and methanogenesis. It is difficult to quantify just how hydrogen might have been distributed among these different electron acceptors. However, our overall productivity estimates change very little if hydrogen is channelled in the other respiratory processes other than methanogenesis. This is because we might expect similar growth yields from H 2 use by these other processes.
A great influence on our productivity estimates is the relative channelling of H 2 into photosynthetic versus non-photosynthetic metabolisms. As mentioned earlier, non-photosynthetic pathways using H 2 should have similar associated carbon production rates, but these are all probably one order of magnitude less than hydrogen-based photosynthesis. Thus, the productivity of our hydrogen-based photosynthetic ecosystem Figure 7 . The early-Earth nitrogen cycle. NO would have been produced by lightning, and settled into the oceans where nitrate and nitrite would have formed. Nitrate and nitrite would have been used in both the denitrification and the anammox reaction. Anammox is a source of primary production, where the ammonia would have come from hydrothermal vents. Table 12 . Summary of early-Earth primary production rate estimates. should be viewed as a maximum, with reductions occurring as proportionally more H 2 is used by nonphotosynthetic pathways. We can conclude that for all the ecosystems explored, primary production rates were probably considerably less than those of today. The iron-based ecosystem comes closest to matching present rates, but, if our assumptions about bottom water iron concentrations are correct, such an ecosystem is still considerably less active than what we find at present. This analysis reinforces earlier discussions (Knoll & Bauld 1989; Des Marais 2000; Canfield 2005 ) highlighting how the evolution of oxygenic photosynthesis led to a considerable acceleration of the activity level of the biosphere. With oxygen photosynthesis, the electron donors (H 2 O) and the electron acceptors (CO 2 ) are not limiting, and production rate is thus limited by the availability of nutrients such as N, P and Fe and other trace metals.
What does the geologic record tell us about the activity level of the ancient biosphere? Indeed, as highlighted by many authors (Schidlowski 1988; Des Marais et al. 1992; Holland 2002; Bjerrum & Canfield 2004; Hayes & Waldbauer 2006) , the isotope record of inorganic and organic carbon provides an indication of organic carbon burial rates on the ancient Earth, which is related to rates of primary production. The isotope record reveals that presently about 20% of all carbon (both organic and inorganic) removed from the oceans is organic carbon (e.g. Garrels & Lerman 1981; Hayes et al. 1999) . Traditional readings of the isotope record would suggest that this burial proportion has not varied greatly over the last 3.8 Gyr, with a burial proportion of 0.14 indicated 3.5-3.8 Gyr ago (Des Marais et al. 1992; Bjerrum & Canfield 2004; Hayes & Waldbauer 2006) . Recently, Bjerrum & Canfield (2004) have suggested that if a significant amount of inorganic carbon was removed by reaction with ocean crust (see Sleep & Zahnle 2001) , and if a significant isotope difference existed between carbonate buried on the continents and in ocean crust, then the isotope record cannot be taken at face value. Indeed, burial proportions of organic carbon as low as 0.05 might have occurred. Thus far, evidence from the isotopic composition of inorganic carbon reacted from seawater and associated with ancient basalts does not support his view (Nakamura & Kato 2004) , and the higher burial proportions of 0.14 are indicated. However, it remains to be demonstrated that these ancient inorganic carbonates were precipitated in deep-ocean water.
What do these burial proportions mean for primary production rates in the early ocean? To convert the organic carbon burial proportions into primary production rates, we need to know the input rates of inorganic carbon to the Earth surface, and the burial efficiency, x, of the organic carbon. We will assume a burial efficiency of 0.01 as we have done with the ecosystem modelling discussed earlier. Presently, this value is closer to 0.001 (Holland 1978; Berner 2004 ), but much higher values would be expected for anoxic organic carbon deposition (Canfield 1994 ). The input rates of inorganic carbon to the Earth surface depend on the fluxes of CO 2 from the mantle as well as the recycling of carbon owing to subduction, metamorphism and continental weathering (e.g. Berner 2004 ). The earlyEarth carbon cycle has been recently treated in some detail by Godderis & Veizer (2000) , Sleep & Zahnle (2001) and Hayes & Waldbauer (2006) . Of particular importance here are the calculations of Hayes & Walker (1977) , who show that the combined continental reservoir of organic and inorganic carbon probably grew very slowly through the Earth history and was negligible before 3.5 Gyr ago (see also Godderis & Veizer 2000) . This means that continental weathering would have been an insignificant source of inorganic carbon to the early-Earth biosphere, and that most of the carbon released from the mantle to the surface environment was subducted again (see also Sleep & Zahnle 2001) .
In making their calculations, Hayes & Waldbauer (2006) have assumed that the mantle to Earth surface flux of CO 2 at 4 Gyr ago was 10 times the modern flux. With falling heat flow, this CO 2 flux decreased rapidly, and Hayes & Waldbauer (2006) give values of 24!10 12 mol yr K1 at 4 Gyr ago, dropping to 20!10 12 mol yr K1 at 3.8 Gyr ago and 13.5! 10 12 mol yr K1 at 3.5 Gyr ago. We use the mantle flux of CO 2 at 3.8 Gyr ago, and assume that this was the most significant source of CO 2 to the biosphere. With an organic carbon burial proportion of 0.14 and an x of 0.01, primary production rates at 4 Gyr ago are calculated as 2.8!10 14 mol yr K1 . This value is 14 times lower than present rates and shows, rather paradoxically, that relatively low rates of primary production might have accompanied much higher rates of carbon input from the mantle. This is owing to reduced, or even insignificant, carbon inputs from the weathering of the continental crust.
We find that our estimated Early Archaean rates of primary production are comparable to the rates we have calculated for our iron-based anoxygenic photosynthetic ecosystem (table 12) , and about a factor of 10 greater than those predicted from our hydrogenbased anoxygenic photosynthetic ecosystem. All the other ecosystems fall short by at least two orders of magnitude. In order to better appreciate the similarities and differences in these comparisons, we must revisit some of the assumptions and the implications of our modelling.
We begin with the iron-based ecosystem. Our calculations are based on possible constraints on early-Earth bottom water ocean chemistry, and the assumption that the oceans at this time circulated as they do today. We can look at the implications of this ecosystem from another perspective. We can calculate that with an organic carbon burial proportion of 0.14, and our assumed values for the input rate of inorganic carbon to the biosphere (see above), organic carbon was buried at a rate of 2.8!10 12 mol yr K1 . With productivity based on Fe 2C oxidation by anoxygenic photosynthesis, this amount of organic carbon burial would need to be associated with the burial of 1.1! 10 13 mol yr K1 of ferric iron. Analysis of Archaean BIFs shows Fe 3C : Fe 2C ratios of 0.4-0.6 (see summary in Bjerrum & Canfield 2002 ). If we assume that these ratios apply to early-Earth sedimentary iron in general, then we need an input of around 2.2!10 13 mol yr K1 of reactive iron, i.e. iron which is involved in active cycling and not just bound in unreactive phases. The present input of reactive iron to the oceans is mainly from riverine particulates (4!10 12 mol yr K1 ; Canfield 1998), with a much smaller input from mid-ocean hydrothermal vents (1.7!10 11 mol yr K1 ; see Canfield 1998) . With little continental area on the early Earth, the riverine flux of reactive iron would have been insignificant, and the bulk of the reactive iron would have originated from mid-ocean ridge hydrothermal sources. To account for the reactive iron necessary to drive our calculated rates of early-Earth carbon burial, hydrothermal iron sources would need to be elevated by a factor of 100 over today. As mentioned earlier, Kump & Seyfried (2005) have argued for much higher hydrothermal iron fluxes on the early Earth. Whether such fluxes could be elevated by a factor of 100 over those of today requires more detailed consideration.
We now take a look at our hydrogen-based ecosystems. In our calculations of these ecosystems, much of the H 2 coming from volcanoes is lost to space (tables 8 and 9). If hydrogen escape was less efficient, more hydrogen would be cycled through the ecosystem and more would be associated with organic carbon burial. As discussed earlier, Tian et al. (2005) have argued that hydrogen escape on the early Earth might have been more sluggish than the diffusion-limited escape we have assumed in our modelling. However, this view has been strongly opposed by Catling & Claire (2005) . We can, however, match our calculated earlyEarth rates of primary production if we reduce hydrogen escape by one order of magnitude (by reducing A in equation (3.6) by a factor of 10) and if we increase the volcanic hydrogen flux to about 30 times the present flux (table 13) .
As discussed earlier, higher heat flow would have led to greater tectonic activity on the early Earth. This would have probably accelerated hydrogen flux to the surface environment from all identified sources including subduction-related subaerial volcanics, the serpentinization of ocean-crust peridotites and the flux from mid-ocean ridge hydrothermal systems. In an earlier study, Kump et al. (2001) argued for substantially higher volcanic hydrogen fluxes owing to a more reducing mantle on the early Earth. However, the partitioning of trace metals into the volcanic rocks of all ages suggests that the oxidation level of the mantle has changed very little through recorded Earth history (Delano 2001; Canil 2002) . More recently, and as discussed earlier, Kump & Seyfried (2005) have argued for higher H 2 fluxes in early-Earth mid-ocean ridge settings owing to, mostly, the absence of sulphate in circulating vent fluids. Further consideration is required to constrain how much of this flux might have reasonably been accelerated over today. It is also critical to better understand the controls of hydrogen escape on the early Earth.
We must also consider the possibility that the Early Archaean carbon isotope record reflects an ecosystem driven by oxygenic photosynthesis. This view has been advocated by Rosing (1999) and Rosing & Frei (2004) . They note the appearance of finely laminated organic carbon in distal marine turbidites and pelagic shales from 3.8-Gyr-old deposits from Isua, Greenland. These have an isotopic composition consistent with carbon fixation by the Calvin cycle (using Rubisco) as conducted by oxygenic phototrophs. The lack of oxidized iron (or iron of any kind) in these deposits would seem to rule out carbon fixation by ironoxidizing phototrophs, at least at this location. However, it is still possible that hydrogen-based phototrophy could have produced the organic carbon. For example, members of the purple sulphur bacteria, which are anoxygenic phototrophs capable of using H 2 , also contain Rubisco (see summary in Canfield et al. 2005) . However, Rosing & Frei (2004) also note that the same deposits have experienced uranium mobilization, which is consistent with locally oxic conditions at the time of sediment deposition. This is further evidence for the presence of oxygenic photosynthesis.
If this is true, and oxygenic photosynthesis was responsible for primary production then, as today, why did the surface environment remain predominantly anoxic, which is consistent with the available geological and geochemical evidence (e.g. Holland 1984; Farquhar et al. 2000; Canfield 2005) . One explanation would be that there was a sufficient flux of reduced species like H 2 , H 2 S and Fe 2C to titrate the oxygen produced by oxygenic photosynthesis (e.g. Kump et al. 2001; Holland 2002) . Overall, with the burial of 2.8! 10 12 mol yr K1 of organic carbon, as we calculate for the Earth 3.8 Gyr ago, we would produce an equal amount of oxygen, and need a comparable flux of reduced equivalents to keep oxygen from accumulating. As discussed earlier, the necessary iron flux would need to be substantially elevated over today's flux, and whether this is reasonable requires further consideration. The flux of sulphide from mid-ocean ridge hydrothermal systems was probably negligible, and if the volcanic flux of H 2 S was 10 times today (table 10), this would be 5!10 11 mol yr
K1
, which could remove 1!10 12 mol yr
of O 2 , about 35% of the necessary flux. If we elevate the present-day H 2 flux by a factor of 10, we would deliver between about 2 and 5!10 12 mol yr K1 of H 2 , which could remove between 1 and 2.5!10 12 mol yr K1 of O 2 . This, either alone or in combination with the other mantle-derived reduced compounds, would appear to be sufficient to remove the required amounts of oxygen from the atmosphere.
The caveat with the hydrogen flux calculation is whether or not any of this flux would have been lost to space. We could imagine that if most of the hydrogen was delivered to the surface environment through ocean crust serpentinization and mid-ocean ridge Table 13 . Primary productivity in hydrogen-based anoxygenic photosynthetic ecosystem with reduced H 2 escape. hydrothermal circulation, then much of this hydrogen would be scavenged by oxygen higher in the surface layers of the water column where oxygenic phototrophs were active. Thus, in the presence of oxygenic phototrophs, much of the hydrogen would be scavenged before it could escape to the atmosphere and further to space. Taken together, our understanding of the carbon cycle as revealed from the carbon isotope record would allow for the carbon cycle 3.8 Gyr ago based on anaerobic metabolisms if the fluxes of Fe 2C and H 2 were elevated over the present fluxes by factors of 1-2 orders of magnitude. Further constraints need to be imposed to decide whether or not the necessary magnitudes of increase are reasonable. Equally allowable is a carbon cycle driven by oxygenic photosynthesis where the oxygen produced is completely removed by reaction with reduced species from the mantle.
SUMMARY
There was a sufficient diversity of electron donors and electron acceptors delivered to the early Earth to have allowed for a variety of dynamic, and even complex, anaerobic microbial ecosystems. We can envision a number of different ecosystems based on the cycling of individual elements. Some of these could have been more active, particularly those based on the anoxygenic photosynthetic oxidation of H 2 and Fe
2C
. Of these two, an ecosystem based on Fe 2C oxidation would apparently have been the most active. Element cycles involving sulphur and nitrogen would have also led to diverse and interesting ecosystems, but these would have been considerably less active than those based on H 2 and Fe. Overall, none of these ecosystems matches the primary productivity of the present marine environment, although an ecosystem based on anoxygenic photosynthesis with iron comes within a factor of 10.
The natural question arises as to what sort of ecosystem might have been responsible for carbon production in the Early Archaean, where the carbon isotope record suggests that organic carbon accounted for 14% of the total carbon. Among the anaerobic ecosystems explored here, the most probable candidates are those based on anoxygenic photosynthesis, both H 2 and Fe
. In each case, the fluxes of reduced compounds to the surface environment need to be elevated over present-day fluxes by factors of 30-100. Whether such high fluxes are reasonable deserves further attention. Alternatively, the Early Archaean ecosystem might have been based on oxygenic photosynthesis, and there is some evidence to support this. The flux of H 2 and Fe 2C from the interior of the Earth would need to have been elevated 1 to 2 orders of magnitude times the present fluxes to have maintained an anoxic atmosphere. You have mentioned a variety of different possible metabolisms that may have been important prior to the start of photosynthesis. But evidence for these metabolisms must be sought in the fossil record. Are there distinct isotopic signatures in carbon or other elements that would allow one to distinguish the existence of these metabolisms on the ancient earth? D. E. Canfield. In some instances, stable isotope signatures in early-Earth rocks can be traced to specific metabolisms, and I will give you two examples. In the first example, sulphate-reducing bacteria (SRB) fractionate sulphur isotopes during their metabolism when sufficient sulphate, greater than about 200 mM, is available to them. Indeed, we found stable isotope evidence for the activities of SRB in 3.5-Gyr-old sediments from the Dresser Formation at North Pole, Australia (Shen et al. 2001) . We were attracted to this place because an important component of the sedimentary succession is barite, which was originally precipitated as gypsum, implying high concentrations of sulphate. Otherwise, most Archaean sulphides show only small fractionations consistent with low sulphate concentrations, but not by themselves diagnostic of sulphate reduction. The second example is a recent report (Ueno et al. 2006 ) of biogenic methane within silica dikes also found in the Dresser Formation, North Pole, Australia. The authors make a good case that this is biogenic gas because the isotopic composition of the methane is very 13 C-depleted, and not easily explained by abiological processes. Other than these examples, sedimentary carbon isotopes from the Archaean provide evidence for biological activity, but the isotopic compositions themselves are not diagnostic of specific microbial metabolisms. D. W. Schwartzman (Department of Biology, Howard University, Washington, DC, USA). The interpretation of the sedimentary C-isotopic record in the Archaean may be more uncertain than suggested, since the 13 C :
12 C input ratio could have been different from today as could the fraction of organic C that was buried. D. E. Canfield. I agree that our interpretation of the early-Earth carbon isotope record is quite uncertain, and indeed, our understanding of the early-Earth carbon cycle is very poor. To answer your question directly, the input carbon isotope ratio could change if there was a long-term evolution of this ratio with time from the mantle (of which we have no evidence), or with isotopically variable inputs due to crustal carbon cycling. Unfortunately, we have no way at present to isolate these various possible influences. I am encouraged, however, by recent carbon cycle modelling of the type recently presented by Hayes & Waldbauer (2006) which attempt to hindcast the evolution of the carbon cycle, highlighting interactions between the crust and the mantle. I believe this is necessary before we can begin to understand quantitatively what the carbon isotope record is telling us about the dynamics of carbon cycling through time. J. F. Kasting. I will rephrase this question in writing it down because you reminded us that you and Bjerrum (right?-Yes) have re-analysed the long-term carbon isotope record.
The 'standard' interpretation (Schidlowsli, Holland, others) of the S 13 C record in carbonates is at present that ca 20% of the CO 2 outgassed from volcanoes is reduced to organic carbon and buried in sediments. If the atmosphere-ocean-sediment system is in steady state, this requires that an equivalent amount of H 2 (or other reductants) be outgassed from volcanoes, even in the modern system. This requirement is part of what leads Holland to propose relatively large volcanic H 2 fluxes in the modern Earth system. In the standard C-isotope interpretation, the constancy of the S 13 C values of carbonate carbon at ca 0% throughout geologic time implies that ca 20% of the outgassed CO 2 has been buried as organic C all the way back to ca 3.5 Gyr ago. My question would be: Is the model that you presented, in which volcanic H 2 fluxes are ca 50 times smaller than Holland's values, consistent with this carbon isotope record? D. E. Canfield. Christian Bjerrum and I (Bjerrum & Canfield 2004) argued that the carbon cycle is more complicated than the standard carbon isotope models considered. In particular, the removal of inorganic carbon by the reaction with ocean crust provides a carbon exit pathway, which has not before been considered. If this carbon is isotopically distinct from the surface carbon reservoir, then this pathway will influence our interpretation of carbon isotope record. The jury is still out on the significance of this pathway in our interpretation of the carbon isotope record.
However, even in the absence of this extra carbon removal pathway, the Early Archaean isotope record is Early anaerobic metabolisms D. E. Canfield and others 1835 most consistent with burial proportions of organic carbon ranging between about 12 and 15% of the total carbon burial. I believe that the proposals presented here on the activity levels of the early Earth are in line with this. Thus, as outlined in the manuscript, carbon burial rates in the Early Archaean may have been of the order of 2.8! 10 12 mol yr
K1
. This calculation assumes that the carbon cycle is driven mainly by CO 2 degassing from the mantle about 10 times greater than today, and with a burial proportion of organic carbon of 0.14. Present-day H 2 fluxes are of the order of 3!10 11 mol yr
, the volcanic (subaerial) H 2 S flux is around 5!10 10 mol yr K1 and the hydrothermal flux of iron is around 1.7!10 11 mol yr K1 . Altogether, these could contribute to the burial of about 2.9!10 11 mol yr K1 of organic carbon, about 10 times less than we assume for the Early Archaean. If, however, the flux of these reduced species from the mantle was higher by a factor of 10 in the Early Archaean, as we have assumed for CO 2 , then this flux of reduced species could account for the burial of organic carbon as we would calculate directly from the carbon isotope record.
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